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Chapter 2

Theory of forest evaporation

2.1 Introduction

The analysis in this thesis is primarily concerned with the vertical transport of water

and the energy balance. Effects of lateral exchanges of water and energy will be

discussed only briefly. In the following sections the concepts to measure and analyse

the one-dimensional interaction of water and energy between soil, vegetation and

atmosphere are discussed.

2.2 Water balance of forests

2.2.1 Water balance above the soil surface

The rate of net precipitation Pnet (m s−1) reaching the soil surface is determined by

the gross precipitation rate P (m s−1), the change in time t (s) of the water storage

dC/dt(m s−1) and the evaporation rate Ei/ρw (m s−1) of water intercepted by the

vegetation above the soil surface, with ρw (kg m−3) being the density of water. Hence

the water balance equation above the surface can be written as:

Pnet = P −
dC

dt
−
Ei

ρw
(2.1)

Pnet may be determined as the sum of the throughfall rate Tf (m s−1) and stem-

flow rate Sf (m s−1), i.e.:

Pnet = Tf + Sf (2.2)

Throughfall may consist of free throughfall, i.e. precipitation directly falling on

the soil, and of drip, i.e. precipitation first falling on the vegetation before reaching

the soil. Hence, the change in storage rate of intercepted water dC may be expressed

as:
dC

dt
= P −

Ei

ρw
− Tf − Sf (2.3)
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where Tf may be replaced by the total of the rate of canopy drip D (m s−1) and the

free throughfall:

Tf = (1− cveg)P +D (2.4)

where cveg (-) is the fraction of canopy cover.

2.2.2 Water balance below the soil surface

The conservation equation of water for a unit volume of soil is:

∂θ

∂t
= −

∂q

∂z
− Sroots − SE (2.5)

where θ (m3m−3) denotes the volumetric soil water content, q (m s−1) denotes the

water flow rate, z (m) depth, Sroots (m3 m−3 s−1) represents the sink term for

root water uptake and SE (m3 m−3 s−1) the sink term for latent heat. The second

sink term takes into account the evaporation (as well as condensation) that will be

generated in deeper soil layers and will pass the soil surface as a vapour flux. This

second sink term is for densely vegetated surfaces and relatively humid conditions

relatively small. Therefore in this study, SE will be considered to be negligible for

forests in the Netherlands.

In the soil, water flow may be described by the Darcy flow equation:

q = −k(ψ)
∂(ψ + ρwgz)

g∂ρwz
(2.6)

where k(ψ) denotes the hydraulic conductivity (m s−1), ρw the density of water (kg

m−3), g the gravitational acceleration (m s−2), ψ the soil water pressure (Pa) and z

the elevation head (m). Combining the Darcy flow equation with the conservation

equation leads to the Richard equation for one-dimensional vertical transient soil

water flow:
∂θ

∂t
=

∂

∂z

[

k(ψ)(
1

g

∂ψ

∂ρwz
+ 1)

]

− Sroots (2.7)

where θ and k are functions of ψ for which in this thesis the parametric descriptions

as given by Van Genuchten (1980) have been used. The soil water retention curve is

given by:

θ(ψ) = θr +
θs − θr

(

1 +
∣

∣g−1ρ−1
w αψ

∣

∣

n
)

−m (2.8)

and the hydraulic conductivity curve by:

k(ψ) = ks

[

(

1 +
∣

∣g−1ρ−1
w αψ

∣

∣

n)m
−

∣

∣g−1ρ−1
w αψ

∣

∣

n−1
]2

(

1 +
∣

∣g−1ρ−1
w αψ

∣

∣

n
)m(l+2)

(2.9)
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Figure 2.1: Schematic view of the water balance components of a forest.

where θs (m
3m−3) and θr (m

3m−3) are the saturated (ψ = 0) and residual volumetric

soil water contents, α (m−1), n (-), m = 1 − n−1 (-) and l (-) are soil specific

parameters, and ks (m s−1) the saturated hydraulic conductivity.

Combining Eqs. 2.3 and 2.5 and taking into account the lateral and vertical flows

over the borders of a unit volume, allows to describe the water balance of a unit

volume for a forest over a certain period of time (see Fig. 2.1) as:

P =
E

ρw
+ qr,net + qb,net + qlat,net +

dC

dt
+

d
∫ zb
zs
θdz

dt
(2.10)

where qr,net (m s−1) the net surface runoff, qb,net (m s−1) the net discharge rate at

the bottom out of the soil column, qlat,net (m s−1) the net flow rate of the incoming

and outgoing lateral soil water, which may change with depth, z the depth in the soil

(m) with the subscripts s and b indicating respectively the surface and the bottom

boundary of the soil profile. The evaporation flux E (kg m−2s−1) may consist of

evaporation of intercepted precipitation directly from the vegetation or from the

litter layer as well as transpiration of the vegetation and soil evaporation.
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2.3 The energy balance

2.3.1 Radiation balance

The rate of evaporation of forest depends to a large extent on the amount of energy

available to the system. For natural surfaces such as forests, the main energy source

is the sun.

Net radiation flux density Rnet (W m−2) is the balance between upward and

downward flux densities of short and long wave radiation:

Rnet = (1− as)Rs +Rdown
l −Rup

l (2.11)

where as denotes the albedo of the surface, Rs the short-wave (0.3-3 µm) radiation

flux density (W m−2) and Rl the downward and upward flux densities of long-wave

(3-100 µm) radiation (W m−2). The upward longwave radiation Rup
l reads as:

Rup
l = εsσT

4
s + αlR

down
l (2.12)

where εs denotes the emissivity of the surface, σ (= 5.67 · 10−8 W m−2 K−4) is the

Stefan Boltzmann constant, Ts the surface temperature (K) and αl the reflectivity

of the surface for the long-wave radiation. For a natural surface (i.e. an opaque

non-black body) αl = 1− ξl, and as for the same radiation the absorptivity ξl equals

the emissivity, αl is either replaced by 1− εs or is ignored.

2.3.2 Energy storage fluxes in air and vegetation

The change in energy storage J (W m−2) for a volume extending from the surface to

the reference level over a unit area can be separated into three terms (Thom et al.,

1975):

J = JH + JE + Jveg (2.13)

where JH denotes the change in storage of sensible heat in the air, JE the latent heat

storage in the air and Jveg the change in heat stored in the vegetation within the

stand. They are respectively described as:

JH =

∫ zref

0

ρacp
∂T

∂t
dz (2.14)

JE =

∫ zref

0

ρa
∂κ

∂t
dz (2.15)

Jveg =

∫ zref

0

ρacveg
∂Tveg
∂t

dz (2.16)
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where zref is the reference level (m), ρa the density of the air (kg m−3), cp the specific

heat of the air (J kg−1 K−1), T the air temperature (K), κ the specific humidity of

the air (kg kg−1), t the time (s) and z the height (m). The subscript veg refers to

the density ρveg (kg m−3), the specific heat cveg (J kg−1 K−1) and the temperature

Tveg (K) of the vegetation. On a daily basis the energy storage is considered to

be negligible. However, for shorter periods, especially when pronounced changes in

temperature and humidity occur, storage fluxes may reach values up to 100 W m−2.

2.3.3 Soil heat flux density

The heat flux density by conduction in a homogeneous medium may be expressed as:

G = −kT
∂T

∂z
(2.17)

where kT denotes the thermal conductivity (W m−1 K−1). In soil kT is an effective

thermal conductivity and is a weighted average of the individual soil constituents

(De Vries, 1963). To account for the convective transport of heat in soil the effective

thermal conductivity is replaced by an apparent thermal conductivity now relating

temperature gradients to total soil heat flux densities including both conductive and

convective transport of heat. Combining Eq. 2.17 with the conservation equation

yields:
∂

∂z
(k′T

∂T

∂z
) = −

∂G

∂z
− SE (2.18)

where k′T is the apparent thermal conductivity (W m−1 K−1), G the soil heat flux

induced by convection and conduction and SE the sink of heat because of vaporisa-

tion. As mentioned before, in a moderate climate with relatively wet soils this sink

is small and will therefore be neglected in this study.

2.3.4 Energy balance of a forest

The latent heat flux density λE (W m−2) couples the water balance in eq. 2.10 with

the energy balance equation:

λE = Rnet −H −G+ Flat − J − µFA (2.19)

where λ denotes the latent heat of vaporisation (J kg−1), H the sensible heat flux

density (W m−2), Flat the lateral advective energy flux density (W m−2), µFA the

flux density of the energy absorbed by the vegetation for net photosynthesis (W m−2).

Here µ ≈ 0.422 J µmol (CO2)
−1 and denotes the solar energy stored in the bonds

of carbohydrate created by photosynthesis, FA (µmol CO2 m−2 s−1). For forests at

mid latitudes, the term µFA of the energy balance is often less than 2% of Rnet.
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2.4 Turbulent fluxes of momentum, latent and sen-

sible heat

2.4.1 Turbulent fluxes based on Reynolds averaging

The atmospheric flux densities of latent heat λE, sensible heat H and momentum

τ can be defined in terms of the turbulent components of the wind velocities, heat

and moisture. Using Reynolds averaging, the velocity components u, v and w (m

s−1) and the scalars potential temperature Θ (K) and the specific humidity of the

air κ (kg kg−1) can be separated in a mean component denoted by an overbar and a

turbulent component denoted by a prime. The velocity components u, v and w are

defined along the x, y and z axes respectively, with z being taken positive upwards.

If we define the direction of the mean flow along the x axis then v = w = 0. Mean

flux across a plane implies correlation between the wind component normal to that

plane and the entity in question (Kaimal and Finnigan, 1994).

Assuming a flat horizontal plane, the covariance between the vertical wind velocity

and an entity gives a direct measure of the flux density across the plane:

λE = λρaw′κ′ (2.20)

H = ρacpw′Θ′ (2.21)

τ = −ρau′w′ (2.22)

where τ denotes the momentum flux or shear stress (kg m−1 s−2). The minus sign

is introduced because momentum is absorbed at the surface and acts as a sink. It

should be noted that τ is defined positively downwards, this in contrast to λE and

H which are defined positively upwards

2.4.2 Turbulent fluxes based on gradients

In analogy to molecular diffusion the fluxes may also be parametrized in terms of

time averaged vertical gradients of wind speed, heat and moisture and eddy-diffusion

coefficients:

λE = −ρaλKE
∂κ

∂z
(2.23)

H = −ρacpKH
∂Θ

∂z
(2.24)

τ = ρaKM
∂u

∂z
(2.25)
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where KE , KH and KM (m2 s−1) are turbulent exchange coefficients for moisture,

heat and momentum. These coefficients depend on height and on the non-dimensional

similarity functions φ:

KX = κzu∗φ
−1
X (2.26)

where the subscript X denotes E, H or M , κ (-) the von Karman constant and u∗ =
√

τρ−1
a (m s−1) the friction velocity. These functions are determined experimentally

for a flat surface and are generally assumed to be universally applicable (Dyer, 1974):

φE = φH =

{

(1 + 16|ζ|)
−1/2

−2 ≤ ζ ≤ 0

1 + 5ζ 0 ≤ ζ ≤ 1
(2.27)

φM =

{

(1 + 16|ζ|)
−1/4

−2 ≤ ζ ≤ 0

1 + 5ζ 0 ≤ ζ ≤ 1
(2.28)

where ζ = z
L is a stability parameter with z the height (m) and L the Monin-Obukhov

scaling length (m). When the atmosphere is unstable ζ < 0, when stable ζ > 0. The

Monin-Obukhov scaling length can be expressed as:

L = −
u3
∗
Θ

gκ(w′Θ′)
(2.29)

where g denotes the acceleration of gravity (m s−2). For a tall vegetation such as

forest the displacement height d (m ) is introduced. d is such that under near neutral

conditions and assuming a logarithmic wind profile u = 0 at a height d+ z0M , where

z0M is the roughness length for momentum (m). The stability parameter ζ now

becomes z−d
L .

Integrating φM over the wind profile between d + z0M and the reference height

zref yields the total contribution of atmospheric stability to the momentum flux,

ψM . For unstable conditions the formulation as given by Paulson (1970) has been

applied in this study. For the stable case the formulation as given by Van Ulden and

Holtslag (1985) has been applied:

ψM (ζ) =

{

2 ln( 1+x
2 ) + ln( 1+x2

2 )− 2 arctan(x) + π
2 , −2 ≤ ζ ≤ 0

−(0.7ζ + 0.75(ζ − 5
0.35 ) exp(−0.35ζ) + 0.75 5

0.35 ), 0 ≤ ζ ≤ 1
(2.30)

where x is defined as:

x = (1− 16ζ)0.25 (2.31)

2.4.3 Turbulent transport using eddy diffusivities “K-theory”

It has been shown that the K-theory concept of eddy diffusivities to describe the

turbulent transport in and above the canopy has shortcomings. As noted by Corrsin
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(1974) theK-theory is only applicable if the length scale of the eddies maintaining the

turbulent flux is much smaller than the length scale over which the mean gradients

change. In forest canopies this condition is not always met, as eddies within a forest

canopy may have a length scale similar to the tree height, while the change in mean

gradient can be less than the tree height (Denmead and Bradley, 1985).

The best evidence for the failure of the K-theory is the existence of counter

gradient fluxes within the trunk space, indicating negative eddy diffusivities, together

with positive fluxes above the canopy (Denmead and Bradley, 1985). Raupach (1989)

used a Lagrangian model as an alternative for the K-theory based models. Katul

et al. (1997) showed that the modelled CO2 fluxes using the inverse approach of

the Lagrangian model represent the eddy-correlation measured fluxes in the canopy

better than the K-theory derived fluxes. This finding is at apparent variance with

those of Van den Hurk and McNaughton (1995) and Dolman and Wallace (1991),

who found only a small difference between the fluxes of the two models. For most

applications in forest hydrology, especially for predictive purposes, the K-theory is

still considered the most practical concept (e.g. Shuttleworth, 2007).

2.5 Evaporation of a “dry” forest

When the surface of the vegetation of a forest with a full canopy cover is dry, the

transpiration process is by far the largest contributor to the total evaporation.

The main drivers of the transpiration process are the available energy, i.e. ra-

diation and the specific humidity deficit. The actual amount of water evaporated

depends on both the root water uptake and the extend the leaves open or close their

stomata. Depending on the structure of the leaves, there may also be some water

loss through the cuticula, bypassing the stomata. However, in moderate climatic

conditions such as in the Netherlands this water loss is minor as compared to the

overall transpiration rate.

The opening and closing of the stomata is a physiological process combining

photosynthesis and transpiration. The model concepts for these processes were all

developed in the 1970’s and the 1980’s (e.g. Jarvis, 1976; Cowan, 1977; Ball, 1987;

Farquhar et al., 1980. All of these models use semi-empirical relationships. Until now

it has not been possible to develop a general theory for these semi-empirical relation-

ships as a function of climate, that is able to explain the differences in parameter

values between sites and species.

In this study the emphasis is on the evaporation process under wet and dry condi-

tions and the photosynthesis process will not be taken into account. To use a single

concept to model the evaporation rate for both conditions, the Penman-Monteith

equation has been chosen. As all known functions for the stomatal closure are based
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on empirical relationships with site specific parameters, the classical empirical ap-

proach of Jarvis (1976) will be used for the analysis of the stomata behaviour of a

dry canopy.

2.5.1 “Big leaf” model

To describe the resistance to diffusion of water vapour and heat of the plant surface

at z1 to the reference level at zref , the profile gradient relations may be rewritten in

analogy to electrical circuits:

H = −ρacp
Θ(zref )−Θ(z1)

raH
(2.32)

λE = −ρaλ
κ(zref )− κ(z1)

raE
(2.33)

where raH denotes the aerodynamic resistance for heat (s m−1) and raE the aerody-

namic resistance for vapour (s m−1) respectively. The resistances are the reciprocals

of the eddy diffusivities integrated over the height between the surface and the ref-

erence level. Often the assumptions are made that the leaves are isothermal and the

air in the sub-stomatal cavities of the leaves is saturated. With these assumptions

the resistance of the transfer of water vapour from the sub-stomatal cavities to the

leaf surface is described by a canopy resistance rs:

rs =
E

ρa
[

κ(z1)− κs(Θ(z1))
] (2.34)

where κs(Θ(z1)) is the saturated specific humidity (kg kg−1) at the temperature of

the surface at height z1.

Combination of the above resistance equations for H and λE with the energy

balance equation leads to the well known Penman-Monteith equation and (Penman,

1948 and Monteith, 1965). To derive the Penman-Monteith equation it is needed to

assume that all sinks and sources of water vapour and heat are at the same level,

and ∆ is introduced, i.e. the change of the saturated vapour pressure es (hPa) with

T . This equation is the basis for the “big leaf ”model and has the advantage that all

variables are measured at the same level:

λE =
∆κA+ ρacpκDr

−1
aH

∆κ + cp(1 + rsr
−1
aH)λ−1

(2.35)

where A (W m−2) denotes the energy available for conversion into H and λE and

κD = κs(Θ) − κ is the specific humidity deficit (kg kg−1). The gradient of the
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saturated specific humidity versus the temperature curve (kg kg−1 K−1) is given as:

∆κ =
dκs

dΘ
(2.36)

The aerodynamic resistance raH represents the transport resistance encountered

by moisture and heat moving from the source (in most cases the leaf) to the reference

level. The surface resistance rs for a forest mainly reflects the physiological response

of the canopy to vapour transport to the surface.

2.5.2 Aerodynamic resistance

Often raH is replaced by the resistance for momentum transport raM , which is defined

as:

raM =
u

u2
∗

Under neutral conditions raM can be calculated by:

raM =
1

κu∗
ln

(

zref − d

z0M

)

=
1

κ2u

[

ln

(

zref − d

z0M

)]2

(2.37)

For non-neutral condition a stability correction is added:

raM =
1

κu∗

[

ln

(

zref − d

z0M

)

− ψM

(

zref − d

L

)]

(2.38)

It should be noted that the stability correction for the roughness length has been left

out, as this term is generally negligible in comparison to the other terms. In the case

of the transport of a scalar like heat or vapour, there is an added boundary layer

resistance that in contrast to momentum accounts for the lack of pressure effects on

the exchange of vapour and heat:

rbH =
1

κu∗

[

ln

(

z0M
z0H

)

+ ψM

(

zref − d

L

)

− ψH

(

zref − d

L

)]

(2.39)

Eq. 2.39 leads to the aerodynamic resistance for heat (and vapour):

raH = raM + rbH (2.40)

which under neutral conditions is given by:

raH =
u

u2
∗

+
1

κu∗
ln

(

z0M
z0H

)

(2.41)

and under non-neutral conditions by:

raH =
1

κu∗

[

ln

(

zref − d

z0M

)

− ψH

(

zref − d

L

)

+ ln

(

z0M
z0H

)]

(2.42)
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or:

raH =
u

u2
∗

+
1

κu∗

[

ln

(

z0M
z0H

)

+ ψM

(

zref − d

L

)

− ψH

(

zref − d

L

)]

(2.43)

where z0H denotes the roughness length for heat and ψH the stability function for

heat. As the stability functions ψM and ψH are not very sensitive to the exact value

of the displacement height d and also play a minor role under wet conditions (i.e. <

2% difference), Eq. 2.43 primarily depends on the estimation of the ratio of z0H and

z0M and the correct measurement of u and u∗.

The roughness lengths z0M and z0H are theoretical properties, which cannot be

measured directly. However, if Ts and H are known, raH can be derived from:

raH = ρacp
Θs −Θ(zref )

H
(2.44)

where Θs is an (effective) potential surface temperature. With Eq. 2.44 and Eq. 2.42

z0H may then be calculated by (Blyth and Dolman, 1995):

z0H =
zref − d

exp
[

raHκu∗ + ψH

(

zref−d
L

)] (2.45)

2.5.3 Stomatal conductance

The response of stomata to stress is controlled by a complex set of biomechanical

feedbacks to among others radiation, leaf water potential, ambient water vapour

and carbon dioxide levels. However as these feedback mechanisms vary between

vegetation species and locations, there is still no universal applicable concept available

(e.g. Domec et al., 2009; Leuning et al., 2008; McLaren et al., 2008; Woodruff et al.,

2007). Two main concepts in parametrizing the effect of stomatal closure on the

transpiration rate exist. The first stems from a mainly hydrological point of view,

which basically reduces the maximum possible evaporation rate based on the available

water in the root zone (see e.g. Feddes et al., 2001). The second concept is based

on plant physiological relationships. These relationships describe the opening and

closure of the stomata as being influenced by a number of environmental drivers. In

some of these relationships the feedbacks on the closure of the stomata is enhanced by

enzymatic reactions (e.g. Lösch and Schulze, 1994; Dewar, 2002 or Buckley, 2005).

There are a number of methods to parametrize the stomatal conductance gs (m

s−1). According to Jarvis (1976), the stomatal conductance is a function of solar

radiation, specific humidity deficit, temperature, leaf water potential and ambient

CO2 concentration. Jarvis described the relation between gs and these variables

in a synergistic model, where the maximum stomatal conductance gs,max (m s−1) is
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reduced by stress functions. These stress functions are assumed to act independently.

At present the discussion on the feedbacks of elevated concentrations of ambient

CO2 concentration on the stomatal conductance is ongoing. Fig 8.3 by Jarvis (1980)

suggests that the reaction of the relative stomatal conductance to changes in ambient

CO2 is limited at least for Scots pine. This is in line with the review by Medlyn et al.

(2001) who concluded that conifers have a less pronounced decrease in stomatal

conductance than broad-leaved species. Nevertheless, whether elevated CO2 will

either reduce stomatal frequency in the field, or increase the leaf area, is still a

point of discussion (e.g. Kouwenberg et al., 2003). Additional complications are

the non-univocal outcome of some of the FACE sites (e.g. Calfapietra et al., 2010).

Because of these uncertainties we do not include a parametrization for the ambient

CO2 concentration as suggested by e.g. Jarvis (1976) but will follow Stewart (1977).

Stewart (1977) modified this model to enable the derivation of gs from λE measured

above the forest using the Penman-Monteith equation. The Jarvis-Stewart model for

gs is given by:

gs = gs,max
LAI

LAImax

f(Rdown
s ) f(Ta) f(eD) f(θD) (2.46)

where LAI is the leaf area index and LAImax the maximum leaf area index, f(Rdown
s )

is a function of Rdown
s , f(Ta) is a function of Ta, f(eD) is a function of eD, and f(θD)

is a function of θD. As these functions describe reductions with respect to gs,max, the

functions take values between 0 and 1. The functions as used by different authors, do

not always take the same form. The mathematical formulation of such a function may

have an impact on the parameter values of the other functions (see Ogink-Hendriks,

1995), which puts a constraint on the comparison of parameters obtained from dif-

ferent equations. Furthermore the Jarvis-Stewart model is empirical, so parameter

values are specific for species and sites. As Jarvis (1976) pointed out that, for proper

parameter estimation it is important that the variables adequately fill the variable

space, i.e. all combinations of variable values occur. However, under field conditions

this may not be true. Ta and VPD, for example, are often correlated and in some

cases (e.g. Wright, 1996) regression results may be improved by removing the explicit

dependency on Ta.

For the response to Rdown
s the following function will be used:

f(Rs) =
Rdown

s (Rdown
s,max + aR)

Rdown
s,max(R

down
s + aR)

(2.47)

where aR is a constant and the maximum short wave radiation is set to Rdown
s,max = 1000

Wm−2. The temperature response function to be used is taken as:

f(T ) =
(T − Tmin)

(aT − Tmin)

{

(Tmax − T )

(Tmax − aT )

}

(Tmax−aT )
(aT−Tmin)

(2.48)



2.5. Evaporation of a “dry” forest 21

where aT (0C) is a constant, Tmin is set to 0 0C and Tmax to 32 0C. The vapour

pressure deficit function to be used is:

f(eD) = e−aeD (eD−ceD ) (2.49)

where aeD (hPa−1) and ceD (hPa) are constants. Stress caused by limited water

availability is the most complicating factor, among others because of the difficulty to

measuring root distributions and θ. Therefore, spatial variability in θ and changes

in time of the root distribution with depth, carry a relatively high uncertainty. In

general a relatively simple approach may be used, which reduces to some extend the

effect of spatial variability in soil water. Therefore, θ will be scaled by:

S =
θ − θr
θs − θr

(2.50)

where S (-) denotes the relative saturation. In this case soil water deficit is defined

as θD = 1 − S. θs at each depth will be determined as the maximum θ during the

winter period after the internal drainage rate returned to a negligible value. For

θr the minimum value measured will be used. The degree of saturation over the

root zone will be calculated as the average of the measurements of θ at each depth

weighted by the thickness of the soil layer between the sensors.

To model the stomatal response on soil water stress, a function similar to that of

the vapour pressure deficit will be used:

f(θD) = e−aθD (θD−cθD ) (2.51)

where aθD (m−3m3) and cθD (m3m−3) are constants.

2.5.4 Root water uptake

Water flows along a water potential gradient. Therefore water will flow to the roots

if the roots have a lower water potential than the soil. The root water uptake can be

represented as a sink term that is added to the vertical water flow (see Eq. 2.7). The

flow rate towards the roots depends on the hydraulic conductivity of the soil and the

path length. Root water uptake is in general described by either a microscopic or a

macroscopic approach (Feddes et al., 2001).

The microscopic approach is based on radial flow towards individual roots. The

integral over the root zone of the individual roots describes the entire root system

(see e.g. Jackson et al., 2000). The macroscopic approach represents the rooting

system as a single root. Because the microscopic approach requires detailed root

information that is in general not readily available at most sites, the macroscopic

approach is used in this study.
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Figure 2.2: Movement of soil water as driven by soil water pressure and root water pressure

and leaf water pressure (free after Chapin et al., 2002). Also depicted is the capillary fringe

of which deep roots tap water especially under dry conditions.

The macroscopic approach is often used in hydrological models running on a

daily time step. In these models the actual evaporation rate is based on a water

stress function and the available soil water in the root zone. The water stress may

be described by a function as proposed by Feddes (1978). This root water stress

function can be extended for saline conditions (e.g. Shalhevet et al., 1976).

In the present study the actual evaporation rate is based on Eq. 2.35 and the

feedback of the soil water stress on gs is described by Eq. 2.51. This evaporation

demand is distributed over the soil profile by weighting the root extraction at a

given depth proportionally to the root density and available soil water. The latter is

determined by specifying limiting pressures for the root uptake of water, and as such

represents a decoupling of root uptake from the surface conductance model. The root

water uptake is distributed over the soil profile assuming energy conservation. As a

consequence the root water uptake, from soil layers with high soil water availability

and high root density will be larger, than the root water uptake of soil layers with

less available water and lower root densities (see Fig. 2.2).

For most forests root distribution can be split into two parts: the upper part

with a high root density and the lower part with a low root density often existing of

tap roots only (e.g. Dawson, 1996). Because of the high root density in the upper
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layer it is assumed that, during daytime periods of high evaporation demand, all

available soil water in this layer will be under high water demand by the roots. This

water demand creates large differences in soil water pressure ψ over a relatively short

distance in the soil aggregate. Redistribution of soil water at night (among others by

“hydraulic lift for some species”as reported by Ludwig et al., 2003; Caldwell et al.,

1998; Dawson, 1996) will largely eliminate differences in ψ. The redistribution of

soil water allows for an efficient use of available water of a relatively thin layer at

the top of the soil profile over a large area. In the deeper soil layers, where only a

few roots are present, the distance between the root surface and soil water sources

is much larger. Hence it will take more time to reach equilibrium of ψ in this soil

layer after depletion during daytime by root abstraction. The soil water pressure and

the hydraulic conductivity of the soil will play a major role in the transport of water

from the moist zones towards the drier zones close to the roots in this deeper layer

(see e.g. Feddes et al., 2001).

2.5.5 “Dual source” model for two vegetation layers

The vegetation of a forest is not always a well mixed ensemble of leaves. In such

cases the vegetation of the forest is often better represented by two separate layers,

i.e. trees and understorey. This representation can either be because the canopy of

the trees is not completely closed above a closed layer of undergrowth, or because

the trees are standing wide apart, with distinct patches of vegetation with a limited

height in between.

The contribution of the two vegetation layers can be simulated using a sparse

canopy model (Shuttleworth and Wallace, 1985; Dolman, 1993, Verhoef and Allen,

2000). This model assumes that the contributions of the latent heat flux of the two

sources can be added up:

λE = αλELow + βλEUp (2.52)

where α and β are coefficients determining the weighted contribution of the two layers

indicated by the subscripts Up and Low.

In the case of two layers one above the other, both layers have equal weight, i.e.

α = β = 1 (Fig. 2.3A). In the case of two distinct layers next to each other, i.e.

two distinct vegetation patches, their total weight is one, i.e. α+ β = 1 (Fig. 2.3B).

For the sites in this study the version with the two layers on top of each other i.e.

α = β = 1, will be used.

The model uses separate energy balances for each layer. The layers are coupled

by the in-canopy vapour pressure deficit eD0 (hPa), defined as:

eD0 = eD +
∆eA− (∆e + γ)λE

ρcp
raM (2.53)
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Figure 2.3: Treatment of the water balance components for the layer version (left panel

A) and the patch version (right panel B) of the two layer model with water present on the

layers. (adjusted from Ashby et al., 1996). In the depicted configuration the lower layer

represents vegetation or soil litter. See also Eq. 2.52.

To describe the turbulent transfer within the canopy, K-theory will be used. The

aerodynamic resistance raM to turbulent transfer of the total vegetation cover is the

height integration of the reciprocal of the eddy diffusivity. In case of the two layer

model this integration is composed of two parts. The first part is the resistance in

the vegetation layer integrated from dUp
M + zUp

0M to the height of the upper layer hUp.

The second part of raM is the resistance above the vegetation layer integrated from

the height of the upper layer hUp to the reference height zref . For the first part,

z < hUp, the eddy diffusivity Kz (m2s−1) is:

Kz = KUp
h exp

[

−η

(

1−
z

hUp

)]

(2.54)

where η is the eddy decay coefficient and KUp
h is the eddy diffusivity at the height of

the upper layer hUp. For the second part, above the vegetation layer, z > hUp, Kz is

given by:

Kz = ku∗ (z − dM ) (2.55)
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The integrated form of raM becomes then:

raM =
1

ku∗

{

ln

(

zref − dM
hUp − dM

)

−ΨH′

}

+
hup

nKUp
h

{

exp

[

η

(

1−
zUp
0M + dUp

M

hUp

)]

− 1

}

(2.56)

where

ΨH′ = ΨH(
zref − dM

L
)−ΨH(

hUp − dM
L

) (2.57)

The eddy diffusivity above the canopy, KUp
h follows from Eq. 2.55. In contrast to the

“big leaf” model the excess resistance of vapour and heat transport adjacent to the

vegetation is explicitly modelled using a boundary layer resistance rb. The surface

resistance of the upper layer is defined by:

rUp
s =





∆e(AUp) +
ρcpeD0

rUp

b

λEUpγ
−

∆e

γ
− 1



 rUp
b (2.58)

For the lower layer:

rLow
s =

[

∆e(ALow) +
ρcpeD0

(rLow
a +rLow

b
)

λELowγ
−

∆e

γ
− 1

]

(rLow
a + rLow

b ) (2.59)

The boundary layer resistance is defined as:

r
Up/Low
b = 100

η

2LAI
Up/Low

[

1− exp(−η
2 )
]

√

L
Up/Low
c

uUp/Low
(2.60)

where L
Up/Low
c is the characteristic length scale (m) of the upper or lower vegetation

layer and uUp/Low the wind speed at the height of the tree canopy and the understorey

respectively. Assuming exponential decay of the momentum transport in the canopy,

the aerodynamic resistance for the lower layer is given by:

rLow
a =

hUp exp(η)

ηKUp
h

[

exp

(

−η
zLow
0M + dLow

M

hUp

)

− exp

(

−η
zUp
0M + dUp

M

hUp

)]

(2.61)

2.6 Evaporation of a “wet” forest

At mid latitudes evaporation is the largest component of the water balance especially

in summer. The uncertainty associated with the measurement and modelling of

evaporation of forests for time steps of a day or less is sometimes as high as 100%.

This is in particular the case during wet conditions.
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The two most important constituents determining the magnitude of the intercep-

tion loss are the amount of water on the vegetation and the rate at which this amount

evaporates. Both entities are difficult to obtain by direct measurement in the field

and are thus often derived in the laboratory or indirectly.

2.6.1 Interception storage

To determine the storage capacity of the vegetation Aston (1979) used weighting

of tree samples (or more specific tree branches) before and after wetting by a rain-

fall simulator in a laboratory. Bouten et al. (1991) used microwave transmission to

measure the amount of water on the leaves in the field. In contrast to these direct

observations, the more common method is to plot the throughfall (or alternatively

the interception loss) against the precipitation as measured above the canopy. The

saturation storage capacity is then derived as the negative intercept of the line, with

a slope of one passing through the upper most points assuming no evaporation loss

for these points (Leyton et al., 1967). Klaassen et al. (1998) discussed some of these

methods based on the same principle. The direct measurements in general provide

high values for the storage capacity, which is caused by the fact that these mea-

surements are executed under laboratory conditions and thus are not representative

for the field. Hence, although these studies can help us to better understand the

processes involved, it is difficult to use these measurements for interception models

like those of Rutter et al. (1971) or Gash (1979) as these models need parameters

representing average field conditions. However, also methods based indirectly on field

measurements have their drawbacks; e.g. the uncertainty in the method of Leyton

et al. (1967) because of the sensitivity to the selection of the data points used. The

number of data points that can be used in the analysis depends on the number of

events (i.e. showers or rainy days) with minimal or no evaporation. Often there are

only a limited number of such events available and it is difficult to determine if the

assumption of negligible evaporation is really applicable under these conditions. In

these cases the uncertainty in the derived parameter values is relatively high. Ignor-

ing other possible errors the uncertainty may amount up to at least half the size of

the lowest resolution i.e. 0.1 or 0.2 mm for the tipping bucket gauges used.

2.6.2 Evaporation rate under wet conditions

At present there are techniques available to measure the evaporation rate directly

such as the Bowen-ratio and the eddy-correlation or -covariance technique. However,

under wet conditions measurement of the vapour pressure (essential in both tech-

niques) is prone to errors, which makes these techniques less suitable. A solution

to bypass this problem is to use H being measured with an eddy-correlation system.
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The evaporation rate is then derived as the residue of the energy balance (e.g. Gash

et al., 1999) or Van der Tol et al., 2003). These measurements suggest a substantial

overestimation of values based on either regression analysis or the Penman-Monteith

equation using rs = 0 s m−1 (e.g. Mizutani and Ikeda, 1994 or Lankreijer et al.,

1999).

2.6.3 Interception loss as a fraction of P

The most simple estimate of interception loss is interception expressed as a fraction

of rainfall on an annual basis. However, the interception loss depends strongly on

the capacity of the vegetation to retain water on its surface. Also the magnitude of

this storage capacity is thought to be linearly dependent on the leaf area. As the

interception loss depends on the leaf area, the interception loss as a fraction of the

precipitation also changes with the seasons (see e.g. Gerrits et al., 2010). These

seasonal changes however, are not necessarily always observed. For example Trimble

and Weitzman (1954) found for a 50 year old mixed hardwood forest Ei = 0.2P (mm)

both during winter and summer.

Later Dolman (1987) reported similar numbers for an oak forest in The Nether-

lands. He attributed the low fraction during the foliated season to two attacks from

the leaf roller moth Tortrix viridana reducing LAI from 4.2 to 2.0.

Calder (1990) found that the effect of thinning on the interception loss of a spruce

forest in England was much less then could be expected on a ratio basis. He attributed

this phenomena to an increased ventilation and a reduced aerodynamic resistance of

the remaining canopy.

Teklehaimanot et al. (1991) studied the relation between tree spacing and inter-

ception loss for one tree species: Sitka spruce. They found a significant relationship

between the number of trees and percentage of throughfall (%); Tf/P = 254.88N−0.19
tree

(R2 = 0.98) where Ntree denotes the tree density. However, their relationship is of

questionable use for most mature forest, because it is very sensitive at low tree den-

sities i.e. producing results with a high uncertainty.

From this short review it may be clear that it is not only the leaf area that deter-

mines the range of interception losses, but other factors also play a role. Crockford

and Richardson (2000) reached similar conclusions based on a review of interception

as a percentage of precipitation. They concluded that it is difficult to derive universal

relationships on the percentage of interception loss for a particular forest and climate.

2.6.4 Interception loss as a function of storm intensity

Horton (1919) derived a series of empirical relationships in estimating interception per

storm event. Assuming an exponential increase of interception as rainfall increases,
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the interception loss Ei (mm) may be written as:

Ei = a
[

1− exp(−bP )
]

(2.62)

where P (mm) is the amount of precipitation of the storm. In Horton’s original

model the two parameters were replaced by one, by defining b as the reciprocal value

of a. The parameter a represents the maximum interception loss and was defined by

Horton as:

a = Cmax + EtP (2.63)

where Cmax (mm) is the storage capacity, E (mm h−1) the wet canopy evaporation

rate and tP the duration of the shower (h). Sometimes EtP is multiplied by the ratio

of the evaporating surface to the projected area, i.e. the leaf area index of vegetated

surfaces. Models of this type can also be applied to daily values of precipitation.

Hall and Harding (1993) and Calder (1990) used the two parameter model with

daily values and obtained satisfactory results for coniferous forest in Britain. Calder

considered b a fitting parameter and did give no physical explanation for the param-

eter.

2.6.5 Interception loss based on physical concepts

During a short time step the evaporation rate of intercepted water is difficult to

measure in the field and only a few studies are available that succeeded in obtaining

reliable observations (e.g. Stewart, 1977). Hence virtually all estimates of evaporation

of intercepted water are based on interception models being calibrated and validated

against gross precipitation, stem flow and throughfall measurements. Some models

make a distinction between the canopy and the stem (Rutter et al., 1975), while

others subdivide the canopy into multiple layers (e.g. Sellers and Lockwood, 1981).

Besides these physically based models, also stochastic models have been developed

(Calder, 1986).

Rutter et al. (1971) formulated one well known physical model. Their model

is based on a running water budget for the canopy and trunk. The evaporation

rate was calculated by means of the Penman-Monteith equation (see Eq. 2.35) with

rc = 0 mm s−1. Rutter et al. (1975) found on a monthly basis satisfactory agreement

between simulated and observed interception loss for Douglas fir, Corsican Pine,

Norway Spruce and Hornbeam, i.e. within 10% of the observed interception loss.

However, they underestimated the interception loss of Oak by 20% of the observed

total loss. The authors ascribed this feature to a possible low estimation of the

roughness length z0M in both leafy and leafless periods. Using slightly different

models but based on the same concept, many other authors obtained, for seasonal
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Figure 2.4: Picture on the left shows a thin layer of water covering the entire surface of

the leaves during a light shower. Picture in the middle shows droplets of rain distributed

on the leaf surface. Picture on the right shows needle leaves with droplets at their tips.

to yearly averages, similar good results for different forest types (e.g. Gash et al.,

1995; Lankreijer et al., 1999; Pypker et al., 2005). However, at shorter time steps

and primarily for low intensity showers, less good results were obtained (e.g. van

Dijk and Bruijnzeel, 2001b).

A common concept used in interception modelling is to consider the interception

storage as a layer of water completely covering the vegetation. In reality this situation

occurs only at either very low rainfall rates or in the presence of fog.

Under most rainfall conditions the leaves will be covered by drops of water (Fig.

2.4). When needles are present nearly all water is accumulated at the tips which

function as drip points.

Butler (1985) and Butler (1986) studied the energy balance of water drops at a

leaf surface and concluded that the conduction of heat from leaf tissue to drops will

significantly increase the evaporation rate of leaf surface water. He also concludes

that as the exposed surface area of drops is 30% of the leaf surface, the evaporation

rate is also about 30% of a totally wet surface, not including the heat conduction

mentioned before.

In a similar way Bosveld and Bouten (2003) presented a single layer model which

allows for energy exchange between a wet and a dry surface fraction by conduction

and for a prescribed degree of stomatal blocking. They conclude that for a dense

Douglas fir forest, most of the transpiration reduction originates from energy com-

petition and micro-climate influence. The remaining reduction was explained by

assuming that during maximum canopy storage one third of the stomata are blocked

by water.

This energy partitioning between different locations within the canopy appears

to be somewhat similar to the findings of Shuttleworth (1978). The latter presented

a multi-layer model written in analytically continuous form, which can be applied

to conditions with large-scale variation in surface wetness. An essential part of the

model is that there is a wet part and a dry part of the canopy, each having a specific

Ts.
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2.6.6 Effect roughness length for momentum and heat on Ei

Sellers and Lockwood (1981) used a multi-layer model and showed that the Rutter

model underestimated the interception loss for low precipitation rates. They pri-

marily attributed this feature to the assumption of Rutter et al. (1971) that during

periods when the canopy is not saturated, the interception evaporation is propor-

tional to the ratio of the actual amount of water on the canopy over the maximum

amount.

Later it was shown by Lankreijer et al. (1993) that for two different sites an

analytical form of the Rutter model (Gash, 1979) gave an overestimation of the

interception loss. They showed that a much better result could be obtained by

introducing an extra resistance for heat and vapour transport in the aerodynamic

resistance.

Gash et al. (1995) however, obtained for the same sites similar good results as

Lankreijer et al. (1993) by introducing a sparse canopy in his original model using only

the resistance for momentum. Good results for sparse pine and eucalyptus forests in

Portugal were also obtained by Valente et al. (1997) using the aerodynamic resistance

for momentum flux and the earlier mentioned sparse canopy concept as applied to

the Rutter and the Gash model. In addition Gash et al. (1999) obtained poor model

performance for the sparse pine forest when the estimated aerodynamic resistance

included an empirical relationship between the roughness lengths for heat/vapour

and momentum derived previously for dry conditions.

Hormann et al. (1996) also used the original Gash model and improved his simu-

lation results by introducing a wind speed dependent canopy storage. Linsley et al.

(1982) stated that as wind speed increases the interception storage capacity is re-

duced, but the rate of evaporation however increased. They concluded that during a

long storm high wind speeds tend to augment total interception while decreasing it

for a short storm.

2.6.7 Methods to derive interception loss and canopy storage

There are different ways to derive interception loss and canopy storage from experi-

mental data. The following section discusses the methods used in this thesis.

For showers saturating the canopy (assuming there is no drip before saturation)

interception loss Ei (mm) can be expressed as:

Ei =

∫ t

0

Edt+ C (2.64)

where t (h−1) is the total duration of the shower, E (mm h−1) the evaporation rate
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and C (mm) the amount of water on the canopy when rainfall and throughfall have

stopped. It should be noted that the term canopy includes leaves, twigs and branches.

Based on Eq. 2.64 Gash (1979) developed an analytical model, later improved by

Gash et al. (1995) introducing the so called “sparse canopy” concept. This concept

has proven to give accurate estimates of interception losses especially on seasonally

and yearly basis provided locally calibrated parameters are used (e.g. Lankreijer

et al., 1999; Pypker et al., 2005). Although this model is event-based, the parameters

used have the same physical meaning as those used by the short time step model of

Rutter et al. (1971). Assumptions used in the Gash model are: stem flow is diverted

to the trunks only after the canopy has become saturated; rainfall is represented by

a series of discrete events separated by periods long enough to allow the canopy to

completely dry; meteorological conditions are constant throughout an event; there is

no drip from the canopy during the wetting-up phase; evaporation from partially wet

canopies is linearly related to the evaporation from saturated canopies. Generally

the assumption is made of one event per day i.e allowing the use of daily data.

The threshold value required to saturate the canopy P ′ is given by:

P ′ = −
PCc

Ec

ln

[

1−
Ec

P

]

(2.65)

where the storage capacity of the canopy equals Cc = C/cveg (mm) and the evapo-

ration rate per unit canopy cover cveg (-) is Ec = E/cveg, with E (mm h−1) being

the average evaporation and P (mm h−1) the average precipitation rate during the

event.

The Gash model describes Ei on “event basis”by:

Ei = cvegP for P ≤ P ′

Ei = cveg

[

(P ′ − Cc) +
Ec

P
(P − P ′) + Cc

]

for P > P ′
(2.66)

where Eq. 2.66 is based on the underlying assumption that all evaporation takes place

at the same point in the canopy and that stem flow Sf is negligible. See Appendix

A for the stem flow observations at four of the forest sites of this study.

In general E is calculated using the Penman-Monteith equation (see Eq. 2.35),

where rs is set to zero. The aerodynamic resistance raH represents the transport

resistance encountered by moisture and heat moving from the source (in most cases

the leaf) to the reference level (see Eq. 2.43). raH can be derived from Eq. 2.42 if

the potential surface temperature Θs is known.

Direct measurement of Θs is complicated. To obtain a first estimate however,

the outgoing long wave radiation Rup
l can be used. Following Bosveld (1999) the

emissivity εs for the forest is assumed to be close to 1. Often the aerodynamic
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resistance for momentum raM is assumed to be equal to raH . raM can be calculated

for each individual time step using a fixed optimised value for d being based on

friction velocity u∗ and wind profile measurements under near neutral conditions.

A convenient way to express the ratio between the aerodynamic resistance for heat

and momentum is the von Karman constant k times the reciprocal of the Stanton

number B:

kB−1 = ln(
z0M
z0H

) + ψM

(

zref − d

L

)

− ψH

(

zref − d

L

)

(2.67)

The stability corrections in Eq. 2.67 only have effect for the unstable cases and are

often not taken into account (Verma et al., 1986).

To derive an estimate of the values of the parameters C, E and the free throughfall

coefficient pf two methods are used. The most common method is by Leyton et al.

(1967), using P, Tf and Sf either based on showers or daily data, the latter under

the assumption of one shower per day. From the same input data estimates may be

derived for pf = 1− cveg and for the ratio E/P .

As an alternative the storage capacity Cc has been derived by inverting the Gash

model for conditions when the canopy is saturated (Gash et al., 1995):

Cc =

Ec

P

(

Ei − cveg
Ec

P
P
)

cveg

(

Ec

P
− 1
)

ln
[

1− Ec

P

] (2.68)

The advantage of this approach is that the derived parameter values will implicitly

inherit the model concept and hence provide the best estimate. To avoid cross cor-

relation between parameters, as many independent measurements as possible will be

used, i.e. estimates of cveg will be based on the LAI-2000 and anascope measurements

in combination with photographs of the canopy. The average evaporation rate has

been based on λE derived as the residual of the energy balance. Cc has been derived

by optimizing Ei in Eq. 2.68.

In most climate models C is estimated by multiplying LAI with a constant factor

i.e. approximately 0.15 for broad-leaved and 0.2 - 0.3 for needle-leaved trees (see

e.g. Luxmoore, 1983; Watanabe and Mizutani, 1994; Wilson et al., 2001). The

review presented by van Dijk and Bruijnzeel (2001b) shows the high variability of

this number due to the method used to derive C (e.g. the data of Lankreijer et al.,

1999) as well as the variability due to other factors than the LAI , e.g. roughness of

the leaves (Waterloo, 1994). In both cases the variation in C per LAI is as high as

100%.

The direct measurement in the field of C is complicated and has been performed

only in a few studies for a limited period (Calder, 1986 and Bouten et al., 1991).
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These studies showed relatively high values for C in contrast to most other studies

using indirect methods. The more widely used indirect method is the method of

Leyton et al. (1967) (see e.g. the overviews by Deguchi et al., 2006; van Dijk and

Bruijnzeel, 2001b). There is however some doubt about what these values physically

represent.


